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INTRODUCTION
Earth’s climate undergoes variations on a wide range of time scales, from

seasonal and interannual to glacial-interglacial and beyond. These variations
are revealed in a variety of proxy records collected from ice-cores, ocean
sediments and other sources (Bradley, 1999; Duplessy, 1999). The glacial-
interglacial cycles are among the most striking phenomena in climate dynam-
ics. While we are now at an interglacial, the last ice age was at its peak only
about 20,000 years ago. Ice sheets covered much of North America and Eu-
rope, global average temperature was about ��� colder than today, and sea level
was about 120 meters lower below today’s. Various paleoclimate proxies (Petit
et al., 1999; Imbrie et al., 1984) indicate that during the past 800,000 years or
so (the late Pleistocene), the glacial-interglacial cycles were characterized by a
pronounced 100,000 year (100 kyr) time scale, with additional weaker spectral
peaks at 41 and 23 kyr (Figure 1) and an asymmetric saw-tooth structure (the
slow build-up of the land glaciers and the relatively abrupt melting).

During at least the last four glacial-interglacial cycles, atmospheric �
	�� has
undergone significant and fairly regular variations, with concentrations dur-
ing glacial periods being about 80 ppm less than during warmer interglacial
periods. During glaciation, atmospheric �
	� gradually decreases, reaches a
minimum of about 200 ppm during glacial maxima, then increases relatively
quickly to a concentration of about 280 ppm at the end of glacial terminations
(Figure 1).

1. WHY DO WE CARE?
The issue of glacial-interglacial variations in ��	 � revealed in polar ice cores

has been an open question in glacial climate science for some 20 years now.
Despite the effort invested to identify the mechanism responsible for these vari-
ations and the possible role it may play in global warming, a generally ac-
cepted explanation is still missing (Pedersen and Bertrand, 2000; Archer et al.,
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Figure 1. Time series (GT4 timescale for ice on the lower axis) of ����� and ��� (Based on
Petit et al., 1999). Time is in kyr before present. ��� (ratio of deuterium to hydrogen in ice) is a
proxy for air temperature with colder temperature corresponding to a lower value. During peak
glacials, temperature and ����� have a minimum.

2000b; Sigman and Boyle, 2000). Moreover, we still do not know what is
the role of these glacial-interglacial ��	�� variations. Are they essential for the
existence of the glacial-interglacial cycles via their greenhouse effect? Alter-
natively, are the �
	�� variations a feedback of the glacial cycles in the physical
climate system that only serve to amplify the glacial variability?

The answers to the above questions are not yet clear (Archer et al., 2000b)
although their importance is obvious. Some investigators used the relative
phasing between �
	 � and other climate variable variations to address these
questions; however, as shown below, this method is controversial (Alley et al.,
2002). Numerous models suggest that even in the absence of ��	
� variations,
glacial-interglacial cycles still exist (Gildor and Tziperman, 2001b; Berger
et al., 1998) while in contrast, the ��	�� variations by themselves cannot drive
these cycles (Loutre and Berger, 2000). Nevertheless, the variations in �
	 �
contribute significantly to the amplitude of the glacial cycles (Figure 11) in
both simple and hybrid models (Gildor and Tziperman, 2001a; Weaver et al.,
1998). Further, the processes that contribute to the glacial-interglacial ��	��
variations are in operation today as well, therefore we need to understand them
to better estimate the response of the climate system to anthropogenic increase
of �
	�� .
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In this chapter I will review several climatic feedbacks that affect atmo-
spheric ��	�� as well as few of the hypotheses to explain the glacial-interglacial�
	�� variations. I will not attempt to describe all the explanations that have
been proposed or discuss their advantages and disadvantages. For that, the
reader is referred to other reviews of the glacial-interglacial ��	
� cycles in-
cluding those by Broecker and Peng (1998); Sigman and Boyle (2000); Ped-
ersen and Bertrand (2000) and Archer et al. (2000b). Here I will concentrate
mainly on the possibility that �
	�� variations are driven by the glacial cycles
themselves rather than being an essential element for the existence of these
cycles.

2. BRIEF REVIEW: THE CARBONATE SYSTEM IN
SEAWATER

For completeness, I will outline a brief and simplified view of the carbonate
system in sea water. More comprehensive discussions can be found in chemical
oceanography texts and numerous review articles including Sarmiento (1993);
Raven and Falkowski (1999); Pilson (1998); and Zeebe and Wolf-Gladrow
(2001).

The direction of the local air-sea flux of �
	� is determined by the differ-
ence in the partial pressure of �
	 � (����	 � ) in sea water and in the overlying
atmosphere. ����	�� in seawater depends on its solubility, � , and the concen-
tration of dissolved ��	�� , denoted  !��	���" , such that �#�
	��%$& '�
	���")(*� . The
solubility is inversely related to temperature and salinity (Weiss, 1974).

When �
	�� is dissolved in water, some of the molecules hydrate to form
carbonic acid, +,�-��	/. , which further dissociate to bicarbonate and carbonate
ions ( +,�0��	�1. and �
	 � 1. ) :

 '�
	���"324 +,�0	�"657 +%�-��	/.�"85 9:+;�
	 1.�< 2>=?+A@CBD
(1)9 �
	 � 1. < 2 = + @ B

Here,  '�
	��E" represents the concentration of unhydrated free ��	� molecules in
the solution. For practical reasons, it is common to treat  F�
	 � " and  ?+ � ��	 . "
together, represented by  '��	�G� " (Pilson, 1998).

These chemical reactions occur on timescales that are rapid relative to most
relevant oceanographic processes. Hence, we often assume equilibrium be-
tween these species, and the partitioning of carbon between them is described
by empirically determined dissociation constants, HJI and H � , which (like � ) are
functions of temperature and salinity.
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H I $  +A��	�1. "K + @ " '��	�G� " L HM�/$  '�
	 � 1. "K + @ " +;�
	N1. " (2)

The total �
	�� ( OP��	�� ), or dissolved inorganic carbon, in seawater may be
defined as Q ��	��/$R '�
	 G� "S2T9:+;�
	N1.�< 2T9U��	 � 1.4< (3)

Since  '�
	 G� " is typically low in seawater ( V4W3X!Y[Z ), relative to 9 +A��	�1.�< and9 ��	 � 1.4< ( VT\]�SX!Y[Z and 13% respectively) (Zeebe and Wolf-Gladrow, 2001),
we can make the following simplifying approximation (Holligan and Robert-
son, 1996; Broecker and Peng, 1982):Q �
	��_^`9a+;�
	�1.�< 2b9c�
	 � 1.d< (4)

Total alkalinity is determined by the concentration of strong ions (including��e � @ ) in sea water. It is a measure of the buffer capacity and represents the
capacity of substances in sea water to react with hydrogen ions (during titra-
tion with strong acid) to the point when essentially all carbonate species are
protonated. The global mean alkalinity is determined by the fluxes of salts into
and out of the ocean. As a first approximation (Holligan and Robertson, 1996)
we can write f g ^ f h $jiN9k�
	 � 1.4< 2b9a+;�
	�1.�< (5)f h in (5) represents the carbonate alkalinity. The largest error in this ap-
proximation comes from neglecting the contribution of  lnmo	�+;p-1q " (boron ion)
which contributes around 5% to the total alkalinity. The four equations (2), (4)
and (5) have four unknowns (  '�
	 G� " L  +A��	�1. " L  '�
	 � 1. " L and  + @ " ) which we
may solve for in terms of H I L H[� L

f g and O �
	�� . Hence, the partial pressure
of �
	�� in seawater may be approximated as a function of the local dissolved
inorganic carbon and alkalinity:

����	 � ^ r �� r I msi O ��	/�ut f h p �m f h tvO>�
	��-p (6)

We will use this relationship to estimate how variations in ocean temperature
and salinity during glacial periods could have contributed to lower atmospheric�
	 � . If a local air-sea gradient of ����	 � exists, there is a net flux across
the sea surface that equilibrates with the atmosphere on a timescale of about
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9 months (depending on various physical factors, see section 4). Thus, on
timescales of several years the partial pressure of �
	
� in the atmosphere and
global surface oceans approaches an equilibrium in accord with (6) - i.e. the
mean surface ocean and global atmospheric ����	 � are approximately equal.
However, surface ocean

Q �
	�� and

f g may deviate from equilibrium due to
exchanges with the large, deep ocean reservoirs (and ultimately sedimentary
and geologic interactions) and biological processes. Over some thousands of
years, the deep ocean, surface ocean and atmospheric reservoirs of carbon are
expected to adjust toward steady state.

There are three main ways in which the ocean’s physical state and biochemi-
cal processes affect OP��	 � , alkalinity, and therefore ����	 � (Volk and Hoffert,
1985; Heinze et al., 1991; Sarmiento and Bender, 1994):

(i) The solubility pump (abiotic). The solubility of �
	
� in sea water is
inversely related to temperature and salinity. Hence, at equilibrium with a
given �#�
	�� , cooler waters are richer in

Q �
	�� than warmer waters. This in
part explains why the cool, deep waters of the ocean are enriched in carbon
relative to the warm surface. This effect has been termed the “solubility pump”
of carbon (Volk and Hoffert, 1985). More on the solubility pump in section 5.

(ii) The organic (soft tissue) pump. Phytoplankton utilize carbon during
photosynthesis to produce organic soft tissue material, which reduces OP��	��
in sea water but does not significantly affect alkalinity. A fraction of the or-
ganic material produced is ultimately exported to the deep ocean (after partici-
pating in the complex food web), where it is mostly remineralized by bacterial
activity. In this process carbon is pumped from the surface to deep waters by
the combined effect of photosynthesis, sinking and respiration. This increases
the vertical gradient of O ��	�� , reduces ���
	�� in the surface ocean and draws
down �
	�� from the atmosphere.

(iii) The carbonate pump. Some planktonic species also produce calcium
carbonate skeletal material (e.g. coccolithophorids) described schematically
by the following reaction:��e � @n2wi*+A��	�1.yx �e3��	/.�2z��	��{2|+%�-	
Although this process consumes additional O>�
	�� , it also affects the alkalin-
ity (through the consumption of the ��e � @ ion) at a ratio of 1:2. Alkalinity
is reduced and the capacity of seawater to hold carbon is decreased. Hence,
the formation of this skeletal material acts to increase �#�
	 � in surface water
(by reducing the denominator in (6)) (Holligan and Robertson, 1996), which
counteracts the effect of the soft tissue pump. It has been estimated that for
every four carbon atoms removed from the surface water as soft organic tis-
sue, one atom is removed as calcite (Broecker and Peng, 1982). This ratio of
organic to inorganic carbon is known as the “Rain Ratio”. Since much more
soft tissue is produced than ��e}�
	�. , the net effect of biological processes is to
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remove carbon from the surface, thus reducing �#�
	� in surface water and in
the atmosphere.

3. GLACIATION AND TERRESTRIAL BIOSPHERE
Since about 98% of the combined atmosphere-ocean carbon inventory is in

the ocean (Siegenthaler and Sarmiento, 1993; Sigman and Boyle, 2000), on
centuries to millennial timescales, small changes in the large oceanic inven-
tory of carbon can have a significant impact on atmospheric partial pressure.
(On even longer timescales, interactions with very large geological reservoirs
become significant.) But before searching the ocean for the cause of glacial-
interglacial ��	�� variations, we should look at carbon storage on land.

The terrestrial biosphere (including soil) reservoir of carbon is about 2100
Gt C (Siegenthaler and Sarmiento, 1993; Sigman and Boyle, 2000), which is
a few times more than the atmosphere reservoir which is approximately 600
Gt C (Sigman and Boyle, 2000). Production of organic matter on land will
cause a reduction in the atmosphere-ocean content of ��	 � , while oxidation of
organic matter return �
	�� to the atmosphere-ocean reservoir. If anything, we
expect the carbon reservoir on land to shrink during glacial times, as a result
of ice sheets covering large areas and of dryness of the atmosphere. This can
be verified by the carbon isotopic signature ( ~ I . � ) of the atmosphere-ocean
reservoir. ~ I . � of the terrestrial biosphere is about t�i]Y[� while that of the
atmosphere-ocean reservoir is about W3X!Y[� . Based on ~ I . � from calcite shells
extracted from ocean sediments, ~ I . � of the atmosphere-ocean reservoir wasW3X!�]Y�t�W3X?�[WM� lower during glacial times (Broecker and Peng, 1998; Crowley,
1995). This indicates a transfer of about 500-650 Gt from the terrestrial to the
atmosphere-ocean reservoir, so actually cause a change in atmospheric �
	 �
of the opposite sign than required! After some equilibration with the ocean
and interaction with ��e}�
	 � in the sediment (see section 8.2), we expect this
transfer to increase atmospheric �
	�� by about 15 ppm. It must be noted that
this is a conservative estimate. Other estimates based on pollen data suggest a
transfer of 750-1050 Gt (Crowley, 1995).

4. AIR-SEA �y��� FLUX
The ocean surface waters need time to equilibrate with atmospheric ��	��

(about 10 months for 50 m depth layer), and the efficiency of the carbon pumps
depends on the degree of equilibration (Toggweiler et al., 2003a; Toggweiler
et al., 2003b). It should be noted that the equilibration time for �
	�� is much
longer compared with, for example, 	 � because ��	 � is only a small fraction
of the O>�
	�� in seawater (Zeebe and Wolf-Gladrow, 2001). If the air-sea gas
exchange rate was infinite, surface and atmospheric ���
	 � would have been
in equilibrium. Finite air-sea gas exchange prevents the ocean from reaching
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equilibrium with the atmosphere, and as we will see later, this has opposite
effects on the solubility and biological pumps. At present, although �#�
	�� of
the ocean and the atmosphere are similar over a large fraction of the ocean
surface, there are regions with significant deviations. There is a tropical band
with positive �����
	�� (i.e., ����	�� of the ocean is larger than ���
	�� of the at-
mosphere), another positive band in the Southern Ocean, and negative �����
	��
in the North Atlantic (e.g., Figure 4 of Takahashi et al. (1997)).

Some processes in the ocean displace the ���
	� of the ocean away from
equilibrium while others try to bring it close to equilibrium. Amongst the
latter, we find the air-sea �
	�� flux and the degree of equilibration is in part
determined by a combination of the air-sea gas exchange rate and the time
that water spends in contact with the atmosphere. The former is affected by
numerous factors including wind speed and the difference in �#�
	
� of the at-
mosphere and the ocean, while the latter is affected by sea ice cover (which
partially insulates the ocean from the atmosphere) and by ocean circulation.

4.1 WIND SPEED
The air-sea �
	�� flux ( � h#� � ) is generally parameterized as

� h#� � $ r%� ���#�
	��
where r,� is the gas exchange coefficient (sometimes called the piston ve-

locity or transfer velocity) and ������	�� is the ����	�� of seawater minus ���
	��
of air (air-sea difference in ���
	�� ) (Siegenthaler and Sarmiento, 1993; Naj-
jar, 1991). r�� is mainly a function of wind speed but also depends on other
factors such as ocean waves and temperature (see review by Asher and Wan-
ninkhof, 1998). Large uncertainties of the exact dependency on wind speed
prevent us to accurately estimate the air-sea flux (Siegenthaler and Sarmiento,
1993; Takahashi et al., 1997). Bates and Merlivat (2001) calculated an air-sea�
	�� flux using hourly wind data that was three times higher than a flux calcu-
lated using daily mean wind data. Further complicating the estimation of the
air-sea flux are large local and temporal variation of ���#�
	
� (Siegenthaler and
Sarmiento, 1993; Takahashi et al., 1997).

Finite gas exchange prevents the ocean to hold as much �
	
� as thermo-
dynamical equilibrium allows (Toggweiler et al., 2003a). Considering cli-
mate change implications, there are numerous indications, like dust records
extracted from ice cores (Keir, 1993a), that climate during glacial periods was
windier. This might contribute to the draw down of atmospheric ��	 � by en-
hancing the solubility pump (Keir, 1993a).
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Figure 2. �]����� as a function of temperature and salinity for O �����u�y�������E�M�������0�]�S�
and ���
�����E���E�����6�-� ��� .
4.2 SEA-ICE COVER

Sea-ice cover significantly reduces air-sea fluxes by isolating the ocean from
the atmosphere. We will see in section 6.4 a mechanism which attributes the
glacial-interglacial ��	 � variations to a larger sea ice cover in the Southern
Ocean during glacials.

5. SOLUBILITY OF �y��� IN THE OCEAN
The potential effect of solubility of ��	�� as function of temperature and

salinity is seen from equation (6). Figure 2 shows ���
	
� as a function of tem-
perature and salinity for O>�
	��_$4i*W]W]W*�#�� *¡MH�¢ 1 I and

f h $4i]i*W]W*�C£¥¤�H�¢ 1 I .
Similarly, if we take two parcels of seawater in equilibrium with the same at-
mospheric ���
	�� , a parcel at i]�0� should contain about ¦¥§¨W��#�� *¡s£CH�¢ 1 I more
carbon than a parcel at i]i � � . If sinking water in the modern ocean were in
full equilibrium with the atmosphere, it would account for almost half of the
observed surface to deep O �
	�� difference (Toggweiler et al., 2003a). About
75% of the sensitivity of ���
	 � to temperature (Figure 2) is due to � while the
rest is due to r i[( r ¦ . About 50% of the sensitivity of �#�
	� to salinity is due



GLACIAL-INTERGLACIAL ��	�� VARIATIONS 325

to r i[( r ¦ , 30% due to © ª h#� �«6¬ �© h#� � �« ¬ mo$7 m � O h#� � 16®J¯ p �m ® ¯ 1 O h#� � p�° p , and 20% due to �
(Najjar, 1991). During glacials, the temperature of the ocean was lower (solu-
bility of �
	�� increases) while on the other hand salinity was higher (solubility
of �
	�� decreases).

Three simple box models used by groups from Harvard, Princeton, and Bern
(know as the Harvardton Bears) in 1984 demonstrated that the high latitude
oceans, despite their relative small area ( VTi*WMZ of the total), largely control
atmospheric �
	�� . The reason is that the deep ocean, where most of the ocean
volume and carbon reside, is communicated with the surface ocean mainly
in polar regions (specifically in regions of deep water formation, nowadays
in the Southern Ocean and in the North Atlantic). In the low latitude oceans,
stable stratification prevents efficient vertical mixing between surface and deep
waters. In high latitudes, where isopycnal outcrop to the surface, water can
move along these isopycnals without the need to overcome gravity.

The warm surface water, with large surface area but small volume com-
pared to the deep ocean, can exchange carbon with the large, deep carbon
reservoir either through ocean circulation (advection and vertical mixing of
water) or through the atmosphere. The extent that high latitude ocean controls
atmospheric ��	�� depends on the relative importance of these two carbon ex-
changes. Broecker and Peng (1998) illustrate this point in a simple way (see
also Bacastow 1996; Broecker et al., 1999; Keir 1993b). Consider for the mo-
ment an abiotic ocean with a small volume, warm reservoir that occupies 80%
of the ocean surface area, and a large volume, cold reservoir that occupies only
20% of the surface (Figure 3).

Lets assume that the deep, cold reservoir is so large that its O �
	�� does
not change as a result of exchanges with the relatively small warm surface
ocean and/or with the atmosphere. Therefore, its ���
	 � is kept constant at 280
ppm. When deep water upwells to the surface, the ����	� rises to 790 ppm as
a results of the dependency of the solubility on temperature. At each moment,
atmospheric ���
	�� is approximately an area-weighted average of the surface
ocean ���
	�� . If the rate of gas exchange with the atmosphere is low compared
to the circulation rate, atmospheric �
	�� would be:���
	±³²U´� $dW3X!\¶µ�§*·*W�2yW3X!i%µ¸i]\*W�$j�]\]\��[�6�

In contrast, if gas exchange is very fast, the excess carbon will move through
the atmosphere to the cold reservoir, and ����	�� in the warm reservoir would
be 280 ppm. If the rate of thermohaline circulation (THC) is 30 Sv and the rate
of gas exchange is �/µ�¦0W 1 � �� *¡E�M�6� 1 I � 1 �º¹S» 1 I , we will get ����	 ±E²U´� $4�]i¨�
ppm while ���
	 � of the warm surface will be 335 ppm. For the circulation
dominated case, the small reservoir of warm surface water (but with large area)
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Figure 3. Simple abiotic model after Broecker and Peng, 1998. Warm reservoir at ��¼�½E�
occupying 80% of the surface area and cold reservoir ( � ½ � ) occupying the rest 20%. The
two reservoir communicate via thermohaline circulation (THC) and exchange ��� � with the
atmosphere.

significantly affect atmospheric ��	�� . For the infinitely fast gas exchange case
atmospheric �
	�� stabilizes at the ���
	�� of cold water.

Simple box models and general circulation models (GCMs) do not agree
on the relative importance of the cold high latitudes ocean and the warm low
and mid latitudes. We really do not know if the real ocean behaves more sim-
ilar to box models or to GCMs, which is of course a crucial point which has
been intensively debated in recent years (Broecker et al., 1999; Archer et al.,
2000a; Bacastow, 1996; Toggweiler et al., 2003a; Toggweiler et al., 2003b).
Toggweiler et al. (2003a) suggest that the ocean lies somewhere between the
simple three-box model (discussed further below) and GCMs. The difference
in the two types of models results from the extent of equilibration of the sur-
face waters before sinking to the deep ocean. For example, the solubility pump
in the three box model is more efficient than in the real ocean, because the area
of the polar box is relatively large. On the other hand, The polar outcrops in
the GCM is too small compared to the real ocean so the solubility pump is less
efficient.

We can get a sense of the upper bound of the solubility effect. The tem-
perature of the water around Antarctica is near the freezing point, so it cannot
get much colder even during glacial periods. In the North Atlantic the water
forming today is relatively warm (and saline), so it could have been few de-
grees colder than today. Assuming that half of the deep water originated from
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the North Atlantic, the deep ocean could have been about 2 degrees colder
during the glacial maxima (at certain sites estimates based on temperatures of
pore water suggest cooling of up to 4 degrees (Schrag et al., 1996)). A 2 de-
grees cooling will lower atmospheric �
	 � by about 20 ppm, and taking into
account cooling of lower latitudes, an additional 10 ppm decrease could occur
(Broecker and Peng, 1998).

Salinity variations have the opposite effect. During glacials, as more ice
is stored on land, the ocean becomes more saline. For the last glacial maxi-
mum, with sea level about 120 m lower than present, salinity was 3% higher
(Broecker and Peng, 1998). By itself, such an increase in salinity reduces
the solubility and causes an increase in atmospheric ���
	 � by nearly 10 ppm
(Broecker and Peng, 1998; Sigman and Boyle, 2000). Including the temper-
ature effect we can explain a drawdown of about 20 ppm, comparable to the
increase expected from the reduced storage of carbon on land. We still need to
explain a drawdown of about 80 ppm by other mechanisms.

6. STRONGER ORGANIC PUMP
Biological production affects surface ���
	� by changing O ��	�� and al-

kalinity. As mentioned earlier, since the organic pump is stronger than the
carbonate pump, the net effect of biological production is to reduce surface���
	�� and eventually atmospheric �
	�� . As long as the rain ratio is constant,
increased production results in reduced surface ���
	
� . For simplicity, in the
following we will assume that the rain ratio stays constant and will neglect the
carbonate pump. We will return back to the carbonate pump in subsection 8.2.

The strength of the organic pump is modified by biological and physical
processes. We will demonstrate it first using the classical three-box model of
Sarmiento and Toggweiler (1984) and Siegenthaler and Wenk (1984) shown in
Figure 4. We then will look at a more realistic four-box model (Toggweiler,
1999; Gildor and Tziperman, 2001a). First, it should be mentioned that an
additional drawdown of about 20-30 ppm (Toggweiler, 1999) (to what can
be achieved by a stronger organic pump) is generated by a processes called
“ �e3��	�� compensation” (Broecker and Peng, 1987), and this will be discussed
in subsection 8.2.

6.1 NUTRIENT UTILIZATION AND INVENTORY
In addition to light and carbon, organisms need macro-nutrients (such as

phosphate and nitrate) and micro-nutrients (such as iron) to produce organic
matter. In large areas of the ocean, such as the subtropical gyres, biological
productivity appears to be limited by the major nutrients, nitrate and phos-
phate (Broecker and Peng, 1982). In other regions (termed HNLC, High Nu-
trients Low Chlorophyll), notably the Southern Ocean, nitrate and phosphate
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Figure 4. A box model for glacial-interglacial ����� variations. The boxes represent the
upper mid-latitude ocean (l), the surface polar ocean (h) and the deep ocean (d), as well as the
atmosphere. Taken from Toggweiler (1999).

are plentiful (Figure 5) and other factors, such as light or iron availability (Mar-
tin, 1990) limit phytoplankton growth (although other hypotheses exist (Evans
and Parslow, 1985; Whitfield, 1993)). The degree of nutrient utilization in the
ocean is a measure of the strength of the organic pump.

In the three-box model the ocean consists of two surface boxes and one
deep box. Box l represents the low and mid latitude surface ocean, box h the
high latitudes of both hemispheres, and box d the deep ocean. T represents
the unidirectional conveyor circulation which starts by deep water formation
in the North Atlantic while ¾M¿-À is a bidirectional mixing term representing the
combined effect of all processes contributing to exchange of water between the
surface and deep ocean like deep convection, diapycnal mixing, or isopycnal
eddy stirring. Phosphate is the limiting nutrient in this model. Biota in the
l box converts all available nutrients into sinking particles ( ÁÃÂ ) so phosphate
concentration in box l is zero. As biological production in the h box is limited
by factors other than nutrients, the sinking flux from this box ( ÁÄ¿ ) is a free
parameter and phosphate concentration in the high latitude box, Á�	 q ¿ is a di-
agnostic. For a full description of the three-box model including its parameters
the reader is referred to Toggweiler (1999).

One of the earliest theories for the glacial-interglacial �
	
� variations was
increased utilization of the available nutrients in the Southern Ocean (Sarmiento
and Toggweiler, 1984; Siegenthaler and Wenk, 1984). In the three-box model
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Figure 5. Annual climatology of the ocean distribution of nitrate at 10m depth. Contours
are at three micromolar intervals from zero, with the addition of the one micromolar contour
(climatology of Conkright et al. (1994)).

(and similar ones) of Figure 4, the biological pumps utilize all the nutrients in
the low and mid latitudes box so strengthening the biological pumps must be
done through processes at polar regions leading to nutrient depletions (Togg-
weiler et al., 2003b).

For the box model of Figure 4, one may write the total carbon ( O>�
	�� ) and
phosphate ( Á�	 q ) balance for the deep box under steady-state conditions as a
balance of advection (by the thermocline circulation term Å ) and mixing (by¾*¿-À ), plus terms that represent the sinking of particulate organic matter from
the surface boxes to the deep box as part of the export production from the low
and high latitude surface boxes, Á�Â and ÁÆ¿ :W $ ms¾*¿-ÀÃ2ÇÅ�pCÈ�moÉ �
	 � ¿�tÇÉ ��	 � À¨p#2|Ê£-Ë�ÌÎÍ Ï}mÐÁÑÂ32|ÁÑ¿Mp (7)W $ ms¾*¿-ÀÃ2ÇÅ�pCÈ�mÐÁ�	 q ¿t�Á�	 q ÀÒpÓ2jmÐÁÑÂ32|ÁÑ¿Mp (8)

in which Ê£-Ë�Ì�Í Ï is the “Redfield Ratio” (see section 8.1) and Á{Â and ÁÆ¿ are
in phosphate units. Extracting Á�Â�2|ÁÆ¿ from (8) and substitute in (7), yieldsÉ �
	 � À_tvÉ ��	 � ¿
$dÊ£-Ë�ÌÎÍ Ï}mÐÁ�	 q À_t�Á�	 q ¿�p (9)

Neglecting temperature and salinity differences (we are interested here in the
role of the organic pump so we leave out solubility effects, (Toggweiler et al.,
2003a)), for sufficiently fast gas exchange with the atmosphere, O �
	 � ¿ andOP��	 � Â are close to each other, so also
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Figure 6. Results from the three (left) and four (right) box models. Taken from Toggweiler
(1999).

É �
	 � À_t É ��	 � ÂJVdÊ£-Ë ÌÎÍ Ï mÐÁ�	 q À_t�Á�	 q ¿�p (10)

The left hand side of (10) is a measure for the strength of the organic pump.Á�	 q À is essentially constant which means that the strength of the organic pump
under our assumptions is determined by Á�	 q ¿ . ¾*¿-À brings to the surface water
rich in both �
	 � and Á�	 q . Because biological production in the h box is not
efficient, ��	�� can leak from box h to the atmosphere. Sarmiento and Togg-
weiler (1984) showed that by increasing Á�Â (reducing Á�	 q ¿ and accordinglyO ��	/� ) it is possible to reduce atmospheric �
	�� by reducing O �
	�� in box
h thereby reducing �
	�� outgassing (Figure 6).

It was later suggested that increased iron supply in glacial periods, resulting
from a windier and drier climate, may have enhanced the efficiency of the
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Southern Ocean biological carbon pump where iron appears to limit nutrient
utilizations (Martin, 1990).

Before continuing to explore another way to strengthen the organic pump in
the three-box model, two additional comments must be made. First, changes in
atmospheric iron transport may modulate the biological carbon pumps in an-
other way. Iron supply to the ocean stimulates nitrogen fixation by cyanobacte-
ria (Falkowski, 1997) leading to an increase in total inventory of nitrogen in the
ocean, in particular in regions where nitrogen seems to be the limiting nutrient.
Utilization of the added nitrogen, i.e. a strengthening of the biological pump,
will cause drawdown of atmospheric ��	�� . There are numerous problems with
this hypothesis which involves a large shift in the global ocean nitrogen inven-
tory. If the export production becomes very large, it should be accompanied
by both significant oxygen depletion in the deep ocean, where remineraliza-
tion occurs (Pedersen and Bertrand, 2000) and by more calcite preservation in
the sediments (Archer et al., 2000b). There is no evidence for such changes.
In addition, unless the N to P ratio changes (see subsection 8.1), an increase
in nitrogen inventory without a parallel increase in phosphate will not enable
enhanced production (Sigman and Boyle, 2000).

Second, there are other effects of climate change that can affect the oceanic
inventory or utilization of nutrients, some of them might act to reduce biologi-
cal production during glacial periods. For example, a decrease in sea-level will
reduce the area of continental shelf which is generally more productive than the
open ocean (Taylor, 1992) and is a region of denitrification. Increased sea-ice
cover can reduce biological production by decreasing the available photosyn-
thetically active radiation in polar regions where light, rather than nutrients, is
likely to be the limiting factor on primary production (Taylor, 1992). (The last
effect is taken into account in the model of section 7.)

6.2 OCEAN CIRCULATION AND VERTICAL MIXING
IN THE SOUTHERN OCEAN

Reduced vertical mixing in the Southern Ocean during glacials is another
one of the earliest mechanisms suggested to explain the low ��	 � levels dur-
ing glacial periods. As also demonstrated by the three-box model, this is but
another way to affect the strength of the biological organic pump, this time by
physical change.

In equation (7) we assume Á�ÂJ$ÔÅ;ÈÓÁ�	 q À , which means that we assume all
the surface nutrients in the low-latitude box are utilized by biological activity
and converted to export production. Further we assume ÁÃÂÕ ÁÑ¿ meaning
again that the low-latitude biological activity is efficient, acts over a larger
area relative to that of the high latitudes, and therefore utilizes all the available
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nutrients. Using these assumptions we haveÉ ��	 � ÀutÇÉ �
	 � ¿�$dÊ£¥ËMÌÎÍ Ï ÅzÈ{Á�	 q À¾*¿-À{2ÇÅ X (11)

Again neglecting temperature and salinity differences, for sufficiently fast
gas exchange with the atmosphere, upper ocean O ��	�� in lower and higher
latitudes are approximately equal, so thatÉ ��	 � À/tÇÉ �
	 � Â8VdÊ£¥ËMÌÎÍ Ï ÅzÈÄÁ�	 q À¾*¿-À{2ÇÅ L (12)

which is the result we were after: the O>�
	�� difference between the upper
and deep ocean is controlled by vertical mixing. A reduction in vertical mix-
ing in the high latitude Southern Ocean should result according to (12), in an
increase in the concentration of the O �
	�� difference between the upper and
the deep ocean. Taking the deep ocean concentration to be constant due to
its large reservoir, this implies a reduction of the surface OÖ��	�� (and �
	�� )
concentration. Again, since ¾M¿-À brings to the surface ��	 � -rich water, reduced
vertical mixing will reduce leakage and lower atmospheric �
	
� .
6.3 FOUR-BOX MODEL

The three-box model is not sufficiently realistic as it includes the high lat-
itudes of both hemispheres in one “generic” polar box. This one box is the
only connection between the deep ocean and the atmosphere. The connection
is mediated through the concentration of nutrients in this single box. Therefore
both ways to lower atmospheric �
	�� in the three box model, reduced vertical
mixing or enhanced nutrients utilization, require significant reduction in polar
nutrients as seen in the left panel of Figure 6. We note that different proxies
( � « h� � h , ~ IØ×0Ù and

� « �KÚ ±� «sÛ g ¿ ) tell different stories on the degree of nutrient utilization
in the Southern Ocean (see (Broecker and Peng, 1998)). In contrast, lowering
atmospheric �
	 � by reduced ventilation in the four box model requires very
little reduction in Southern Ocean nutrients, as can be seen in the right panel
of Figure 6.

The functioning of the two polar regions in the carbon cycle is significantly
different. The added “northern” polar box in the four-box model of Toggweiler
(1999) (Figure 7), representing the sinking region of the North Atlantic, makes
this box model much more realistic. The water formed in the North Atlantic
gets there from the low latitudes by the conveyor circulation. It therefore has a
low Á�	 q concentration as a result of depletion during its flow northward. Dur-
ing the time spent in low latitudes, biological production extracts significant
amount of OP��	�� from the water. As they cool on their way northward, their
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Figure 7. The four-box model of Toggweiler (1999). Box n represents the North Atlantic
where deep water formed as part of the conveyor belt. These water upwelled in the Southern
Ocean, represented by box h. See Toggweiler (1999) for this model parameters.

capacity to hold ��	�� increases and they absorb �
	�� from the atmosphere.
In the four-box model, as well as in the real ocean, the North Atlantic is the
region were the solubility effect causes the ocean to absorb �
	
� from the at-
mosphere. In this region, limited gas exchange prevents the solubility pump
from being fully efficient (Keir, 1993a).

The Southern Ocean is where most of the water formed in the North At-
lantic upwells to the surface. Part of the water upwelled continues as surface
water flowing northward closing the conveyor belt, while part sinks back as
new deep water. On the way southward, the water which originated in the
North Atlantic accumulates remineralized �
	� , and has more �
	�� than its
solubility enables. As it reaches the surface, �
	
� outgases to the atmosphere,
increasing atmospheric �
	�� . Reduced vertical mixing brings less �
	�� -rich
water to the surface, so less leaks out to the atmosphere. The rate of air-sea�
	 � exchange plays an important role here as well. By being finite, it re-
duces the ��	�� leakage thereby strengthening the organic pump. The reduced
vertical mixing in the four box model has only a minor effect on the nutrient
content in the h box which represents the Southern Ocean (upper right panel of
Figure 6). Extended sea ice cover would have a similar effect by inhibiting the
air-sea flux (see next section) just like biological production did (see previous
section).
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6.4 SEA-ICE COVER
As mentioned above, sea-ice cover reduces significantly air-sea fluxes by

isolating the ocean from the atmosphere. Stephens and Keeling (2000) sug-
gested that larger sea ice cover in the Southern Ocean during glacial times
caused a reduction in air-sea �
	 � flux from the ocean to the atmosphere and
contributed to the lower glacial ��	�� concentration. If during cold periods the�
	�� -rich water spends less time in contact with the atmosphere, sinks and
loses contact with the atmosphere before all the excess �
	
� can escape, we
would expect a reduction in atmospheric �
	� . This mechanism does not re-
quires any change in biological production but more efficiency in trapping the
remineralized �
	�� in the deep ocean. Since 	�� equilibrates much faster than�
	�� , it will be less affected, explaining why we do not find evidence of a lack
of oxygen in the deep ocean.

In the model of Stephens and Keeling (2000) the ocean is divided into six
boxes, and temperature, salinity, surface nutrients, sea ice cover and circula-
tion patterns are prescribed. Note that all water is upwelled south of the polar
front. Air-sea flux, biological production and carbonate sediment interaction
are parameterized. Figure 8 demonstrates the sensitivity of the model to sea-
ice cover around Antarctica and to the amount of water which flows northward
from the Antarctic to the sub-Antarctic box. Using best-guess parameters, the
model produces about 70 ppm drawdown of atmospheric �
	
� . This mecha-
nism, though, requires a very large sea cover, 99-100% of the area south of
the polar front. Simulations using ocean GCM with active thermodynamic sea
ice (in contrast to specifying the sea cover as in the Stephens and Keeling box
model) indicates that even during the last glacial maximum (LGM), it is diffi-
cult to have such a large sea-ice cover. In the Southern Ocean, the wind pulls
the ice apart, creating leads and cracks in the ice. The flux through these open-
ings is very strong and partially compensates for the insulating effect of sea ice
in the covered region (Maqueda and Rahmstorf, 2002).

7. SIMPLE BOX MODEL OF THE GLACIAL CYCLES
INCLUDING GLACIAL- INTERGLACIAL �y�Ü�
VARIATIONS

The last two mechanisms, like other models suggested in the past for the
glacial-interglacial ��	 � variations, presented restricted glacial and interglacial
steady state solutions (Stephens and Keeling, 2000; Toggweiler, 1999; Siegen-
thaler and Wenk, 1984) but could not explain the transition between these
states. For example, the model of Toggweiler (1999) is not capable of explain-
ing why the vertical mixing in the ocean should change. Similarly, Stephens
and Keeling (2000) specified sea ice cover changes. The fitness of the mech-
anism for �
	�� variations in the global picture of glacial cycles is important.
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Dealing with the transition requires a physical mechanism and model of the
glacial-interglacial cycle that is sufficiently detailed. Such a physical mecha-
nism and model for the 100 kyr glacial oscillations were presented in Gildor
and Tziperman (2000; 2001b), which included simplified yet explicit model
components for the oceanic meridional circulation, sea ice, land glaciers, and
atmosphere. Using this model, Gildor and Tziperman (2001a) proposed a
physical mechanism for both reduced vertical mixing and increased sea-ice
cover. In this mechanism, the North Atlantic Deep Water cooled due to north-
ern hemisphere glaciation, is transported southward by the thermohaline cir-
culation, and subsequently cooling the deep water upwelling in the Southern
Ocean. This, in turn, affects Southern Ocean stratification, reduces the rate of
vertical mixing of the surface water with the deep water, and increases the sea
ice cover.

7.1 MODEL DESCRIPTION
The global meridional box model, shown in Figure 9 and described in Gildor

et al. (2002), is composed of ocean, atmosphere, sea-ice and land-ice sub-
models, including active ocean biogeochemistry and a variable atmospheric

Figure 8. Steady-state model solutions for different ice coverages south of the Antarctic
Polar Front (APF). We vary the exposed sea surface in the B and A boxes such that the same
fraction of total surface is ice-free in each. The x-axis values represent the sum of exposed area
in these two boxes, and are scaled by their square root to expand the left side of the plot. We
use Ý�Þ ß�àáÝÎ� � « � � � as a modern estimate of the ice-free area south of the APF, and Ý�Þ ßàÝÎ�¥�s�¨� � to illustrate a possible glacial value. a, Atmospheric ����� using modern-preindustrial
parameters and different fractions (Fa) of Antarctic surface waters entering the subantarctic
box. b, Atmospheric ��� � , deep � � , and Antarctic surface � � « � using Fa = 0.3. (Figure 2 of
Stephens and Keeling (2000), legend modified)
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Figure 9. A schematic representation of the coupled box model used in this study, showing
the atmospheric boxes (upper slab), the thermohaline circulation (arrows), the parabolic land
ice sheets over land and a partial sea ice cover in the polar ocean boxes. All of these physi-
cal climate system components are allowed to vary based on the model equations. The ocean
biogeochemistry and the atmospheric ����� fully interact with the physical climate components

�
	�� which may change due to exchanges with the ocean. The polar boxes
represent the regions between �MY � and the poles, while the mid-latitude box in-
cludes the regions between �MYM�0â and �MY*� Ù . The meridional THC through the
northern box is governed by the standard balance between horizontal friction
and the meridional pressure gradient (Stommel, 1961). It is known that the
THC dynamics in the Southern Ocean are different from those of the North-
ern Hemisphere. This upwelling is the result of the westerly winds, driving a
northward Ekman drift and thus an upwelling in the Southern Ocean (Gnanade-
sikan, 1999; Toggweiler and Samuels, 1993). Because the exact dependence
of upwelling on the intensity of the wind and on sea-ice cover is still unclear,
the intensity of the upwelling (and thus of the THC) through the southern
polar box is fixed to a specified value (of 16 Sv). The vertical mixing pa-
rameterization between the southern surface and deep boxes follows (Gargett,
1984), who proposed that the vertical mixing coefficient should be of the formr%ã $ r�ä mºå0æå-ç p 1 I .Sea-ice forms in this model when the ocean water temperature decreases
below a critical freezing temperature, and melts above that temperature. Sea
ice presence and evolution affect the surface albedo, the salinity budget in the
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ocean, the air-sea heat flux, �
	�� flux and evaporation by partially insulating
the ocean from the atmosphere.

The lower surface of each atmospheric box is a combination of ocean, land,
land ice, and sea ice, each with its specified albedo. The average potential
temperature of each atmospheric box is calculated based on the energy balance
of the box. Atmospheric ��	�� is a prognostic variable which directly affects
the long-wave emissivity.

The model for the northern land ice-sheets, whose slow evolution provides
the 100 kyr time scale in this model, is zonally symmetric, assumes perfect
plasticity (Weertman, 1976; Ghil, 1994), grows due to the precipitation in the
polar boxes, and decreases due to ablation, ice-runoff, and calving processes.

The biochemistry model is similar to those used in 3D biochemical gen-
eral circulation models (Maier-Reimer, 1993). The model includes total �
	��
( O ��	 � ), alkalinity (

f g ), and Á�	 q (taken to be the limiting nutrient) as prog-
nostic variables that are used to calculate ����	�� and therefore also the ex-
change of �
	�� with the atmosphere. The model is of the ’closed-system’ type
(Sigman and Boyle, 2000), so total alkalinity and Á�	 q are constant during the
integration although their distribution in the ocean can change. The biochem-
istry prognostic equations are similar to the advection-diffusion equations used
for the temperature and salinity, except for an added source/sink term due to
export production and remineralization. The Redfield ratio is assumed to re-
main constant and the rain ratio is treated as in Maier-Reimer (1993). The rate
of export production depends on the latitude via the light factor, the amount
of nutrients, and the ocean area not covered by sea ice. The sinking particles
from each surface box are assumed to be completely remineralized in the deep
box below. See Gildor et al. (2002) for a full description of this model.

7.2 A PHYSICAL MECHANISM FOR
GLACIAL-INTERGLACIAL CHANGES IN
SOUTHERN OCEAN VERTICAL MIXING AND
SEA ICE COVER

Consider the box model results for one full glacial cycle (Figure 10a-f).
The stratification in the Southern Ocean is composed of cold fresh upper wa-
ter above salty, warmer water whose source is the North Atlantic Deep Water
(NADW). During the stage of Northern Hemisphere ice sheets build-up (Fig-
ure 10a, at time 100 kyr to 30 kyr), the deep water formed in the North At-
lantic becomes gradually colder (Figure 10b) as a result of general Northern
Hemisphere cooling due to the increased albedo of the growing land glaciers.
Similarly, the mixing of the NADW on its way south with cooler glacial-period
surface water in the mid-latitudes results in the NADW arriving to the Southern
Ocean colder and denser. This is in agreement with both proxy records (Schrag
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Figure 10. Model results for a complete glacial-interglacial cycle. (a) land ice in the North-
ern Hemisphere (fraction of northern land box area covered by glaciers), (b) temperature of
the NADW flowing into the Southern Ocean ( è C), (c) the stratification in the Southern Ocean
(density difference between upper and deep water, Ý�� � à
�-�8� � « ), (d) vertical mixing in the
Southern Ocean (Sv), (e) sea ice extent in the Southern Ocean (fraction of the Southern Ocean
area), (f) atmospheric ����� in ppm.

et al., 1996) and general circulation model studies (Weaver et al., 1998) which
indicate colder deep water in the Atlantic ocean during the last glacial max-
imum (LGM) and a colder outflow to the Southern Ocean. Because Antarc-
tica is covered by ice even during interglacial periods, the temperature of the
adjacent surface water in the southern box stays close to the freezing point.
The Southern Ocean deep water cooling makes the model stratification in the
Southern Ocean gradually more stable during glaciation (Figure 10c), which is
consistent with proxy observations (Francois et al., 1997). Based on the above
mentioned vertical mixing parameterization (Gargett, 1984), such a more sta-
ble stratification reduces the mixing between the ��	 � rich deep water and the
surface water (Figure 10d). This is precisely the change of mixing deduced
from proxy records (Sikes et al., 2000) and also the one needed to be arbi-
trarily specified by Toggweiler (1999) without the physical mechanism which
we provide here. Note that a symmetrically opposite effect happens during
deglaciation: the NADW warms, stratification in the Southern Ocean weakens,
and the vertical mixing there strengthens.
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Although Southern Ocean sea ice exists throughout the model glacial cycle,
its meridional extension varies between glacial and inter-glacial states (Figure
10e), as well as with the seasonal cycle. During all phases of the glacial cy-
cle, the NADW upwelling in the Southern Ocean is warmer than the surface
water and acts to limit the sea ice extent there (Gordon, 1981). During the
glaciation phase, the cooling of the NADW (Figure 10b) cools the water up-
welling in the Southern Ocean (which is still warmer than the surface water).
This cooling of the upwelling water, as well as the reduced vertical mixing of
the surface water with the warm deep water (Figure 10d) both contribute to
the growth of the Southern Ocean sea ice during glaciation (Figure 10e). The
change in sea ice cover during the glacial-interglacial oscillation which is pre-
dicted by the proposed physical mechanisms and the model, is similar to that
arbitrarily specified by Stephens and Keeling (2000), and explains part of the
atmospheric ��	�� variations via the insulating effect of sea-ice cover on gas
air-sea exchange.

The variations in the vertical mixing and in the sea-ice extent in the Southern
Ocean induce together, via the ocean biochemistry, a difference of about 75
ppm in this atmospheric model �
	�� between glacial and interglacial periods
(Figure 10f).

So far we have ignored the mechanism of the glacial cycle in the Northern
Hemisphere. This Northern Hemisphere cycle is responsible for the changes
in the temperature of the NADW reaching the Southern Ocean and causing
the vertical mixing and sea ice extent changes in our proposed mechanism.
The glacial cycle “sea-ice switch” mechanism of the physical climate sys-
tem in this box model is described in detail elsewhere (Gildor and Tziperman,
2000; Gildor and Tziperman, 2001b). The physical mechanism for the changes
in the Southern Ocean vertical mixing and sea-ice extent is independent of the
details of the mechanism of glacial cycles in the Northern Hemisphere. It is
implicitly assumed in the above discussion that the glaciation (and deglacia-
tion) starts in the Northern Hemisphere (as it does in our physical model) and
affects the Southern Hemisphere after a few hundreds years, once the NADW
signal reaches the Southern Ocean. As mentioned in section 9, the phase rela-
tion between the two hemispheres is still debated.

7.3 THE ROLE OF �Ç��� VARIATIONS
The glacial oscillations in this model exist due to a self-sustained inter-

nal variability of the physical climate system (Saltzman and Verbitsky, 1994;
K-all«en et al., 1979). The ��	�� changes are therefore not the driving force of the
glacial-interglacial oscillation (Loutre and Berger, 2000) but rather are induced
by the physical changes to the Southern Ocean stratification and vertical mix-
ing. There is, however, an interesting two-way feedback between the physical
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Figure 11. The amplification of the glacial-interglacial signal of the physical climate system
by the atmospheric ����� variations. Shown are results from a physics only model using a fixed
atmospheric ��� � concentration (thick line) and results from a full coupled model with an active
ocean biochemistry model (thin line). (a) atmospheric ����� (ppm), (b) Southern Ocean sea ice
extent (fraction of the Southern Ocean area), (c) atmospheric temperature above the Southern
Ocean ( è C), (d) mid latitude upper ocean temperature.

components of the climate system and the ocean biochemistry. This feedback
involves the amplification of the physical climate system glacial signal by the
variations in the atmospheric �
	�� . For example, the Southern Ocean mixing
and sea ice changes induced by the glacial-interglacial cycle of the physical
climate system cause variations in atmospheric ��	 � (Figure 11a) which, in
turn, significantly amplify the glacial-interglacial cycle in the Southern Ocean
sea-ice variability (Figure 11b). Through the sea ice albedo effect, this ampli-
fies the variability of the southern atmospheric temperature relative to a fixed�
	�� scenario (Figure 11c). Mid-latitude atmospheric and ocean temperatures
(Figure 11d) are also directly affected by the direct radiative forcing of the
variable atmospheric �
	�� .
8. OTHER HYPOTHESES FOR

GLACIAL-INTERGLACIAL �y��� VARIATIONS
The previous sections (besides 6.1) describe mechanisms for glacial- inter-

glacial �
	 � variation, which can be described as “physical”. Variations in the
physical components of the climate system drive the ��	� variations which
only act as amplifier. In this section I will describe a few hypotheses which
are more “biological” or “chemical”. The “ ��e}�
	. compensation” mentioned
in section 8.2 is a way to enhance the efficiency of the mechanism discussed
above that strengthens the organic pump by trapping more remineralized car-
bon in the deep ocean.
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8.1 VARIATIONS IN REDFIELD RATIO
A potentially important ecological effect which can affect atmospheric �
	��

involves changes to the stoichiometry of biological processes. Redfield noted
that the ratio of dissolved inorganic nutrients in seawater closely reflects the
ratio in bulk oceanic organic matter, with the ratio of carbon to nitrate to phos-
phate, �êé Ù é�Áë$ì¦0W[�zé/¦-�|é/¦ (Redfield et al., 1963) (Other studies of
the composition of seawater (Anderson and Sarmiento, 1994; Takahashi et al.,
1985) suggest slightly different average values.) This ratio, known as the “Red-
field Ratio”, reflects the relative need for each element in living matter. The
efficiency of the biological pump of carbon from the surface to the deep ocean
is highly sensitive to the “Redfield ratio” (Heinze et al., 1991). This ratio rep-
resents bulk oceanic organic matter and is not necessarily true on a species by
species basis so a significant shift in the ecological structure stimulated by cli-
matic shifts might possibly affects the biological pump of carbon in the ocean.
Could ecological change really lead to a alteration of this ratio on significant
scales?

There is already evidence that climate change can significantly affect the
structure of ecosystems on decadal time scales (Francis et al., 1998; Roem-
mich and McGown, 1995) with implications for nutrient drawdown stoichiom-
etry. Recent time-series observations of the biogeochemical environment near
Hawaii have shown a local trend in favor of nitrogen fixing organisms, with
higher than Redfield Ù éÄÁ ratios, over the past decade (Karl, 1999). (Ni-
trogen fixation has supported as much as half of the local biological export
production in this period.) Observations in the Southern Ocean show that lo-
cal stratification dictates the dominant phytoplankton species. The difference
in the relative drawdown of carbon and nutrients between these phytoplankton
species can be more than 50%, with higher �Ré[Á ratios associated with species
living in less stratified water (Arrigo et al., 1999). So variations in the Redfield
ratio seem plausible. Nevertheless, as with the theory of increased nitrogen
inventory or utilization, increased production by the amount needed to explain
glacial �
	�� should cause anoxia in the deep ocean, and evidence for that have
not been found. In addition, the response of ocean ecosystems to different cli-
mates is, as yet, unknown. Our current understanding of the oceanic ecosystem
and its response to changes in external forcing is not adequate to confidently
predict either its response to a changing climate or the consequences for the
ocean carbon cycle (Sarmiento et al., 1998; Falkowski et al., 2000).

8.2 ALKALINITY SCENARIOS
Before mentioning a few hypotheses involving variations in alkalinity, we

require a short guide to the processes which affect the alkalinity distribution in
the ocean, the concentration of ��e}�
	�. in the sediments, and few definitions.
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The solubility of ��e}�
	�. increases with decreasing temperature and in-
creasing pressure. Within the deep ocean, where temperature variations are
relatively small, the effect of pressure on �e3��	. is dominant (Broecker and
Peng, 1982). Based on equations (4) and (5) we can write  '�
	 � 1. "u^ f g tOP��	/� . In other words, the saturation is determined by the distribution of

f g
and O>�
	�� .

In thermodynamical equilibrium, the rate of dissolution is equal to the rate
of precipitation, i.e.�e3��	 . msí*p�îïð�e � @ñmÐeS¤]pC2z�
	 � 1. mÐeS¤[p

and the water is said to be saturated with respect to ��e}�
	. . We can mea-
sure the concentrations of �e � @ and �
	 � 1. for this equilibrium and since the
concentration of ��e � @ in the ocean is nearly constant, the saturation with re-
gard to calcite will be determined by the concentration of ��	 � 1. compared
with the concentration of �
	 � 1. at saturation.

A few definitions are necessary: Saturation depth is the depth where the
concentration of �
	 � 1. is equal to ��	 � 1. concentration at calcite saturation.
The compensation depth is the depth below no �e3��	. is found in the sed-
iments. If thermodynamical equilibrium was the whole story, �e3��	
. be-
low the saturation depth should spontaneously dissolve, and if the dissolution
were fast enough, the compensation depth would coincide with the satura-
tion depth. Since the calcite shells sink fast relative to the dissolution rates,
they do not spend enough time in the undersaturation zone before they get
to the bottom. The rate of dissolution depends on the difference between the
in-situ ��	 � 1. concentration and the ��	 � 1. concentration in saturation. Obvi-
ously, this difference is small near the saturation depth and increases at greater
depths in the ocean. The lysocline is the depth where dissolution starts to be
detectable by sharp decrease in the �e3��	�. concentration. It can be separated
from the saturation depth by a few hundred meters (Zeebe and Wolf-Gladrow,
2001) and it is located at different depths in different ocean basins as a result
of variations in  '�
	 � 1. " (which in turn, is a function of biological processes
and ocean circulation).

In the real ocean the situation is even more complicated. For some reason,
although the surface ocean is supersaturated with respect to ��e}�
	�. , inorganic��e}�
	�. is hardly produced (Pilson, 1998). Moreover, part of the ��e}�
	
. pro-
duced by organisms dissolves in the upper, saturated ocean (Milliman, 1993).
In addition, dissolution can also occur inside the sediment, when decomposi-
tion of organic material adds �
	�� to the pore water, according to�e3��	�.�2ò�
	���2|+%�-	óîïêi*+;�
	N1. 2z��e � @ÃX

Alkalinity is largely determined by production and dissolution of �e3��	 .
inside the ocean on one hand, and continental weathering followed by river
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runoff on the other hand. In steady state, supply and removal of alkalinity will
balance each other. Although this steady state can be disrupted in many ways,
such as by a perturbation in the the supply of alkalinity from land which may
result from climate change, there are processes in the ocean which exert neg-
ative feedback on such an imbalance, working to restore a steady state. As
the production rate of ��e}�
	�. in the ocean is larger than the rate of supply,
the ocean compensate for this by dissolution of part of the produced ��e}�
	�. .
This is called “ �e3��	�. compensation” (Broecker and Peng, 1998; Broecker
and Peng, 1987). This processes can affect the drawdown of �
	 � by mecha-
nisms such as enhanced biological organic production. Assume that the ocean
absorbs ��	 � from the atmosphere. OÖ��	 � in the ocean will increase and '�
	 � 1. " will decrease since  '��	 � 1. "�^ f g tôO>�
	�� and air-sea �
	�� flux
does not affect the alkalinity. With lower  '��	 � 1. " L the saturation depth and
the lysocline will be shallower and more �e3��	�. will dissolve. Since ��e � @
input exceeds ��e � @ removal ocean alkalinity will increase until the  '��	 � 1. "
rises to close to its original value and balance is restored. Higher alkalinity
means reduced �#�
	�� , so in this scenario ��e}�
	�. compensation contributes
additional drawdown of atmospheric �
	� to mechanisms based on a stronger
organic pump. Note that this is a transient effect, without a significant shift in
the steady-state depth of the lysocline (Sigman and Boyle, 2000).

Assume now that some perturbation causes an increase in ocean alkalin-
ity. It will also cause an increase in  '��	 � 1. " . This will deepen the saturation
depth, and since the saturation depth and the lysocline are coupled, the lyso-
cline will deepen as well, so more calcite will be buried restoring the balance
between alkalinity input and burial. Model results suggest that the lysocline
should deepen by about 1 km for every 25 ppm reduction in atmospheric ��	��
(Sigman and Boyle, 2000). Sediment records tell us that variations in the lyso-
cline depth weren’t large enough to support theories which invoke significant
variations in alkalinity as a main source for glacial-interglacial ��	�� variations
(Sigman and Boyle, 2000). Proxy records for variations in the pH of bottom
water are not conclusive (Anderson and Archer, 2002; Sanyal et al., 1995).

8.2.1 Glaciation, sea level and coral reef exposure. The coral reef hy-
pothesis (Opdyke and Walker, 1992) suggests that the glacial-interglacial ��	��
variations are the result of variations in reef carbonate deposition. At present,
about 50% of ��e}�
	 . precipitation occurs in coral reefs and shallow waters
(Milliman, 1993). When sea level declines as a results of ice accumulation on
land, coral reefs are exposed, undergo dissolution and increase the alkalinity of
the ocean, hence reducing �#�
	�� . During deglaciation, sea level rises, covering
larger shelf area and enabling coral growth. The carbonate deposition reduces
the alkalinity in surface waters and causing an increase in ���
	 � . However,
the lysocline record should show evidence of these alkalinity variations. As
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mentioned above, there is evidence that variations in lysocline depth were less
than 1 km, excluding alkalinity change as the main driver for ��	
� variations.

8.2.2 Variations in the “Rain Ratio”. Some mechanisms implicated
past changes in the rain ratio as a leading influence on glacial-interglacial�
	�� variations (Berger and Keir, 1984; Archer and Maier-Reimer, 1994; Hol-
ligan and Robertson, 1996). Phytoplankton that produce calcite shells (mainly
coccolithophorids) compete for nutrients against those which produce silicate
shells (diatoms). Silica is a limiting factor for diatoms and it is usually depleted
before Ù 	 1. and Á�	 . 1q (Archer et al., 2000b). As in the case of iron, more
intense winds during glacial periods might transport more silica to the sur-
face ocean, stimulating diatom production at the expense of coccolithophorids
(Tr«eguer and Pondaven, 2000; Harrison, 2000). In addition, it was demon-
strated that availability of iron affect the Si:N uptake ration by phytoplankton
(Franck et al., 2000; Takeda, 1998). Matsumoto et al. (2002) suggest that in-
creased iron supply to the Southern Ocean during glacials resulted in reduced
Si:N export ratio there. The excess silicic acid could then leak to lower lati-
tudes and support diatom growth there at the expense of coccolithophorids thus
reducing the rain ratio. If during glacial periods the rain ratio was smaller, i.e.
if less �e3��	�. were produced, surface alkalinity would be higher and ����	
�
lower. Again, if less ��e}�
	�. is produced, less is buried and to restore steady
state in the ocean between alkalinity input and output, the lysocline has to
deepen.

A way to avoid the lysocline depth constraint was suggested by Archer and
Maier-Reimer (1994). It is based on the possibility that dissolution can also
occur inside the sediment as a result of remineralization of soft organic matter.
This dissolution can occur even above the saturation depth. Remineralization
of organic matter produces �
	�� , and leads to the following reaction:

�
	��{2z�e3��	/.�2|+,�0	j5õi*+;�
	 1. 2z�e � @
The lysocline, the depth where significant dissolution occurs, will be above
the saturation depth. The degree of possible decoupling between the lysocline
and the saturation depth is a matter of debate and different among models; the
model of Sigman et al. (1998) demonstrates strong coupling while the model
of Archer et al. (2000) is more flexible. The needed variations in the rain ratio
are large and we have no physiological or other explanation to justify such a
change, although variation in silicate transport to the ocean might provide a
partial explanation. In addition, these variations in the rain ratio should be spa-
tially uniform, otherwise we should have seen “bumps” in the glacial lysocline,
and no such bumps have been found (Broecker and Peng, 1998).
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8.2.3 Carbon storage in the polar North Atlantic. In a recent paper,
Taylor et al. (2002) suggest that during glacial periods, local variations in the
rain ratio cause accumulation of carbon in the deep polar North Atlantic and
Arctic oceans. Part of the “excess” organic carbon arrived from land eroded
by the advancing glaciers, hence no additional productivity is required. As a
result of the southward shift of the sites of deep water formation, this regions
become more isolated from the rest of the ocean and so a global signature in
the lysocline is not expected.

9. HOW DO WE EVALUATE COMPETING
THEORIES?

When there are few theories to explain past variations of climatic variables,
we have to find a way to verify or falsify them. We use numerous proxies to
estimate environmental variables such as temperature, circulation and nutrient
utilization in the past. We then use these estimates as constraints to distinguish
between different “depictions” of past climates and between different mech-
anisms proposed to answer questions such as what caused glacial-interglacial�
	 � variations. As the only way to estimate past conditions, these proxy
records are most valuable. Nevertheless, they should be used with care. First,
one should keep in mind that these records are extracted from a limited number
of locations (like ocean sediment cores and ice cores) and they do not neces-
sarily represent global or even regional conditions. Second, each proxy record
is affected by many factors and processes and therefore each record has more
than one source of variability. Not surprisingly, occasionally different proxies
tell different - and sometimes contradictory - stories, as was noted above in
some cases.

As an example, consider the absence of clear phasing between �
	�� and
ice volume variations. Although some interpretations of proxy records in-
fer that �
	�� lags southern hemisphere temperature but leads northern hemi-
sphere warming during deglaciation (Monnin et al., 2001; Fischer et al., 1999;
Mudelsee, 2001), other interpretations (Alley et al., 2002) as well as some
models (Gildor and Tziperman, 2001a) suggest the opposite. The difficulty in
constructing clear phasing is partly a result of millennial scale variability super-
imposed on the glacial cycle signal (Alley et al., 2002) and partly because each
proxy for ice volume (like ~ IØö 	 from planktonic and benthic foraminifera) is
also affected by other factors such as temperature, salinity and �J+ (Mix et al.,
2001). The rate of sea level rise (which represents the ice volume) is an highly
debated issue and an active area of research (Mitrovica, 2003) with some stud-
ies suggesting that the marine ~ IØö 	 (common proxy record for ice volume)
lags sea level by few thousands years (Clark and Mix, 2000).
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Figure 12. Seasonal effects on phase relations: atmospheric ����� (light solid, right axes, in
ppm) and temperature (heavy, left axes, in ½ � ) in the southernmost of the three atmospheric
boxes. Upper panel: consecutive Novembers and lower panel: annual means.

Gildor and Ghil (2002) demonstrated using a box model (described in sec-
tion 7) of the climate system that the phase relation between atmospheric �
	��
and southern hemisphere temperature can be opposite during different seasons
and, moreover, that the phase relation can change during different stages of the
glacial cycle (Figure 12). Isotopic signatures of the temperature in ice-cores
record the condition in the time of precipitation or condensation, thus it may
favor one phase relation during certain stages over another depending on the
seasonality of precipitation. We cannot expect to get a reliable lead-lag rela-
tionship in the near future (Alley et al., 2002). Still, one finds in the literature
numerous cases where theories related to glacial-interglacial cycles are tested
based on such lead-lag relationships (Broecker and Henderson, 1998). As an
example, the coral reef hypothesis has been discarded partly because ��	�� rise
is expected to lag melting of the ice sheets.

In addition, it is also common to neglect the uncertainties which accom-
panied the measurements and interpretation of proxy records and the uncer-
tainties in our models (LeGrand and Alverson, 2001). When these are taken
into account, it actually seems that the constraints put by the available prox-
ies are not strong enough to enable us to choose amongst competing theories
(LeGrand and Alverson, 2001). So other considerations, such as the simplicity
and plausibility of the mechanism, and the way it fits in the big picture are also
necessary (Alley et al., 2002). For further reading on these issues, the reader is
refer to Alley et al. (2002); Mix et al. (2001); Crowley (1999) and Legrand and
Alverson (2001). When one encounters in the literature discussions based on
the phasing relation between proxy records (Broecker and Henderson, 1998)
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and/or discarding of mechanisms based on the violation of the (current!) in-
terpretation of a single proxy record, keep in mind the above warnings and
base your judgment on how the mechanism fits into the big picture, and how
plausible it is.

10. SUMMARY
1 We have seen numerous explanations for the glacial-interglacial ��	��

variations. Simple change in ocean circulation leading to reduced wa-
ter formation in the Southern Ocean explain the glacial-interglacial �
	��
variations in simple models of Toggweiler (1999) and Gildor and Tziper-
man (2001). The ��	 � variations are induced by the cycle in the physical
system but amplify them.

2 We see that different types of model have different sensitivities to the
suggested mechanisms. In simple box models, atmospheric ���
	�� is
especially sensitive to high latitude ocean scenarios (see section 5); in
general circulation models, low latitudes are important as well (Bacas-
tow, 1996; Archer et al., 2000a). So far, only simple models were able
to reproduce the full amplitude of the glacial-interglacial variations, but
this does not necessarily mean that they are better than GCMs or more
correct. We understand some of the differences between box models
and GCMs (Toggweiler et al., 2003a; Toggweiler et al., 2003b) and have
to improve our GCMs to the point where they can reproduce the low-
ering of atmospheric ��	 � during glacials. One step forward in trying
to reconcile the differences between box models and GCMs is the work
of Follows et al. (2002). They show that variability in the volume and
characteristics of the sub-tropical ventilated thermocline affect the dis-
tribution of carbon between the ocean and the atmosphere. For example,
colder water in this reservoir which is partially insulated from the atmo-
sphere, can store more carbon during cold periods. This carbon reservoir
and the processes which affect its volume and characteristics are not re-
solved in simple models. Another cause for difference is the treatment
of diapycnal mixing in GCMs which seems to be too high (Oschlies,
2001).

3 Could it be that these variations are not the result of an exclusive process
but due to a combination of the processes reviewed? The conceptual
model of Sigman and Boyle (2000) combines few of the ideas mentioned
above. Models such as the one used by Archer et al. (2000b) try to
answer this question qualitatively, but they are still not good enough to
give us a conclusive answer.
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4 Current global biogeochemical models typically parameterize the bio-
logical processes using crude empirical relations. We still lack funda-
mental understanding of the factors controlling the ecological system
(like the rain and/or Redfield ratios) in the ocean. We need to move
towards more explicit, prognostic, representations of ocean ecology.

5 We need to find new proxies to reconstruct more reliably past climates
and to help us distinguish between competing hypotheses.
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